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European wintertime precipitation is known to be skilfully estimated
in reanalysis data and model simulations since it is highly correlated
with large scale, low frequency modes of variability, namely the North
Atlantic Oscillation (NAO) and Arctic Oscillation (AO). Since the NAO
and AO are mainly a wintertime mode of variability, the ability of es-
timating precipitation becomes more limited in the other seasons, most
importantly in the summer, in which precipitation is mainly a result
of mesoscale convection. The first part of the study uses observational
data, reanalysis data, and the output of Weather Research and Fore-
cast (WRF) model to study the recent changes of extreme daily pre-
cipitation events over Europe. It is found that in summer and transi-
tion seasons, more regions recorded an increase of extreme precipita-
tion events than regions that recorded a decreasing trend. This is con-
sistent with the global warming trends with Clausius-Clapeyron rela-
tion. The added value of using a high resolution, convection-permitting
model to estimate precipitation extremes is deduced. The results show
that WRF succeeds to correct the failure of ERA-Interim reanalysis to
capture the positive trends of European extreme precipitation in sum-
mer and transition seasons that are indicated by the observational data
(EOBS) and previous literature. On the other hand, more regions in Eu-
rope recorded negative extreme precipitation trends than regions with
positive trends. This is found to be a consequence of the recent pos-
itive trend of the NAO over the past decades, causing more frequent

positive NAO events, reducing extreme precipitation outbreaks to more
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regions in Europe. As the NAO and the highly correlated AO are chang-
ing, further investigations to the nature of the two oscillations are car-
ried out. Reanalysis data and climate model simulations of historical
and warm climates are used to show that the relation between the two
oscillations changes with climate warming. The two modes are cur-
rently highly correlated, as both are strongly influenced by the down-
ward propagation of stratospheric polar vortex anomalies into the tro-
posphere. However, when considering a very warm climate scenario,
the hemispherically defined AO pattern shifts to reflect variability of
the North Pacific storm track, while the regionally defined NAO pat-
tern remains stable. The stratosphere remains an important precursor
for NAO, and surface Eurasian and Aleutian pressure anomalies pre-
cede stratospheric anomalies. Idealized general circulation model simu-
lations suggest that these modifications are linked to the stronger warm-
ing of the Pacific compared to the slower warming of the Atlantic Ocean,
that is due to the slowdown of the Atlantic Meridional Overturning Cir-

culation (AMOC).
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Chapter 1

Introduction

1.1 Background

The dynamical and thermal features arising from solar differential heat-
ing over the globe are characterized by rising air in the low pressure
band around the equator due to strong heating, known as the Intertrop-
ical Convergence Zone (ITCZ). By the principle of continuity in fluid
dynamics, and accounting for Earth’s rotation, subsidence of air occurs
in the subtropics around 25° — 30°, creating what is known as the sub-
tropical high pressure. The subsiding air splits up on the surface into
two directions: southward flow closing the so-called Hadley Cell, and
northward flow colliding with the return flow from the pole causing
another convergence zone known as the polar front, closing both Ferrel
and Polar Cell (Figure 1.1).

Accounting for the non-uniformity of Earth’s surface, the distribu-
tion of land and ocean masses modifies the previously described ideal-
ized circulation model. Mid-latitude mean winter climatological pat-

tern is characterized by several well-known features. From air-mass
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distribution point of view, the climatology of atmospheric pressure at
sea level is characterized by the following: two high pressure centers
over the freezing cold land masses, known as: Siberian high, and Cana-
dian/North American high, extending to the Azores; two low pressure
centers over the relatively warm oceans, known as the Icelandic low
over the North Atlantic ocean, and the Aleutian low over the Pacific
ocean. An adjoining high pressure center persists over the polar cap

(Figure 1.2).

Westerlies / y

Subtropical high (Horse

/ NE trade

FIGURE 1.1: Idealized global circulation for the three-
cell circulation model on a rotating Earth (From Lutgens
and Tarbuck (2016)).

The sharp gradient between the warm air mass in the subtropics and

the cold air mass in the pole is in dynamical equlibrium with westerly
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geostrophic wind, which is basically a balance of two opposite forces:
pressure gradient force (due two differential heating) and Coriolis force
(due to Earth’s rotation). The resulting westerlies are even more inten-
sified by the thermal wind relation in the upper levels due to different
thickness of atmospheric columns in the warm and cold air masses in
a narrow region. This intensification causes the Jet stream, which is a
strong westerly wind in the upper level around 100-200 hPa height.
The thermal wind V7 is the vertical derivative of the horizontal wind
that is the rate of change of the geostrophic wind (V) with respect to

pressure (In p), and is given by (Holton, 2013):

WV, R
S =~k VT (1.1)
Vr(p) = }k XV (@1 — Bp) = ?m (B)kxvT (2

where f is Coriolis parameter, ® is geopotential height at isobaric sur-
face, R is gas constant, T is average temperature between pressure level
p and po. A similar stream is found further high above the surface at the
Stratosphere, named the Stratospheric Polar Vortex, which is the main
dynamical feature of this layer of the atmosphere. It is a circulation of
fast moving cyclonic air over the Arctic. In winter, the stratospheric po-
lar vortex is mainly strong, with wind speeds over 200km /h, confining
the freezing air of the Arctic. However, for several reasons, some dis-
ruptions may occur to this steadily moving flow, forcing it to weaken,

and therefore meander.
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B. July

FIGURE 1.2: Average surface pressure and associated
global circulation for A) January, B) July. Contour unit:
hPa. (From Lutgens and Tarbuck (2016)).

A weakening of the polar vortex is an important wintertime phe-
nomenon, since it is associated with extreme weather events over the
mid-latitudes, such as snowing and extreme floods. An example of a
polar vortex weakening is the extremely cold winter of 2018 over North
America and Europe (Overland et al., 2020), in which Arctic freezing

air advection penetrated south causing snow fall as far as Rome. On
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contrary, an example of an extremely strong polar vortex in late win-
ter of 2020 is discussed by Lawrence et al. (2020), showing how con-
strained the polar cold air mass around the Arctic, resulting in aver-
age winter conditions. This correlation between surface level weather
conditions and 30-km high polar vortex is know as the Stratosphere-
Troposphere interaction. Baldwin and Dunkerton (2001) explains how
a weakening of the polar vortex result in a change of surface pressure
distribution and storm tracks in the mid-latitudes. It was found that
stratospheric polar vortex anomalies are accompanied by cold air spells
in the mid-latitude by modifying the aforementioned pressure centers.
A weak polar vortex causes the jet stream to meander, bringing cold air
masses from the Arctic southwards to the mid-latitude, and warm air
masses from the mid-latitudes to the polar region. This mass redistri-
bution projects on the two phases of the Arctic Oscillation (AO) mode
of variability. A positive (negative) phase of AO translates into posi-
tive (negative) anomalies of Azores and Aleutian pressure centers, and
negative (positive) anomalies of the Arctic pressure center. The covari-
ance between the three pressure centers is correlated with the strato-
spheric polar vortex, where a strong (weak) polar vortex is associated
with a positive (negative) AO phase. Another similar covariance pat-
tern is the North Atlantic Oscillation (NAO), which is a local manifes-
tation of the AQ, only in the Atlantic region, consisting of the Icelandic
and the Azores pressure centers. Similarly, a positive (negative) NAO
reflects negative (positive) anomalies over the Icelandic pressure center

and positive (negative) anomalies over the Azores pressure center.
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As a result, wintertime precipitation over North America and Eu-
rope are mainly controlled by the large-scale oscillating pressure sys-
tems. For instance, when the NAO is in a positive (negative) phase,
storm tracks drive mid-latitude depressions towards northern (south-
ern) Europe, resulting in dry (wet) conditions in southern (northern)
Europe, and wet (dry) conditions in northern (southern) Europe.

Moving to the summertime of the year, the dynamics of the circula-
tion in the mid-latitudes change substantially. Strong heating over land
masses causes the air to ascend, inducing thermal low pressure areas.
While over the oceans, the subtropical highs strengthen as the oceans
are relatively cooler than the continents. These high pressure centers
drive moist air into the continents, to compensate by continuity for the
thermal lows. Under certain conditions, this process is very important
for a very large portion of precipitation in the summer, by which more
than 70% of the total precipitation over Europe and North America is a
result of mesoscale convection (Eshel and Farrell, 2001).

Consider a moist air parcel with the temperature and specific hu-
midity properties as in the figure 1.3. This parcel under normal condi-
tions is stable. However, the air parcel can be lifted by several mecha-
nisms such as: flowing over orography or surface convergence due to
low pressure perturbation (such as land-sea breeze heat lows). This up-
ward motion reduces parcel’s temperature following the dry adiabatic
lapse rate DALR (9.8°C/km), which is the rate by which the air cools
down when lifted vertically in the atmosphere conserving its moisture
content. Once the temperature of the parcel (T},) is reduced enough

to equal its dew-point temperature (T;), condensation starts at what is
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called the Lifting Condensation Level (LCL). If the temperature of the
surrounding air (environmental air temperature Te,) is lower than the
lifted air parcel, the air parcel is positively buoyant and will continue its
ascent. However, if Tey, is higher than the lifted air parcel, this renders
the parcel negatively buoyant. This negative buoyancy can be over-
come if the parcel has enough momentum or energy supply that is pro-
portional to this inhibition barrier by negative buoyancy (Convective
Inhibition CIN). In this case, the parcel continues to ascend reaching the
Level of Free Convection (LFC), after which the parcel is lifted by posi-
tive buoyancy force and condenses its moisture by further temperature
reduction following the moist adiabatic lapse rate (around 5°C /km, that
is lower than DALR, since latent heat released by condensation slows
down cooling rate). The positive buoyancy translates into energy that is
enough to lift the parcel autonomously high up in the atmosphere, and
is known as the Convective Available Potential Energy (CAPE). This
process continues until the environmental temperature is warmer than
parcel’s temperature, causing buoyancy force to become neutral (Level
of Neutral Buoyancy LNB).

Unlike large scale fronts, it should be noted that such mechanism
can occur on very small scale (less than 10km). For example, under the
condition of strong heating over a certain region, the air parcel can be
heated up to the Convective Trigger Temperature (assuming constant
or increasing moisture content), at which the air parcel becomes pos-
itively buoyant and overcomes Convective inhibition. The convective

triggering temperature is relevant when convection is not mechanically
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forced, but rather a consequence of diurnal heating. If the soil condi-
tions are wet, heating induces a flux of moisture, that makes the parcel
even less dense, and reduces the convective trigger temperature (Taylor,
1997).

Relevantly, temperature and moisture are two tied physical parame-
ters by the Clausius-Clapyeron equation, which states that: the air par-
cel at high temperature can hold more moisture than an air parcel at
lower temperature. This relation is given by equation 1.3 (Ambaum,

2010):

L, (1 1
es = esp exp [R <T0 — T)] (1.3)

where ¢; is saturation vapor pressure at temperature T. ey is satu-
ration vapor pressure at temperature Ty. L, is specific latent heat, R,
is gas constant for water vapor. Saturation vapor pressure is also given
empirically by Bolton’s formula in equation 1.4

(1.4)

es(Pa) = 611.2exp < 17.67T(°C) >

T(°C) +243.5
Note that the exponential dependence of vapor pressure on temper-
ature has important consequences on the mixing of air parcels, causing
two unsaturated air parcels to become oversaturated after mixing, and
thus is relevant for processes such as atmospheric convection.
Temperature-moisture relation becomes even more relevant consid-
ering global warming. When global temperature increases, the air can
hold more moisture, hence more precipitation. This increase in pre-

cipitation is reflected in increasing frequency and intensity of extreme
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events in the recent decades (IPCC, 2013; Papalexiou and Montanari,
2019), where studies show that there are more regions in which extreme
precipitation events are increasing than decreasing. In summer, extreme
precipitation due to convection becomes more relevant, especially when
considering the increasing moisture supply from warming sea surface
due to global warming (Rahmstorf et al., 2015). In winter, mean and
extreme precipitation are correlated to AO and NAO (Hurrell, 1995;
Thompson and Wallace, 1998; Scaife et al., 2008; Casanueva et al., 2014).
Extreme weather outbreaks in the midlatitude are also related to the rel-
atively faster rate of warming in the arctic region with respect to low
latitudes (Cohen et al., 2014) known as the Arctic Amplification, which
is partly due to Ice-Albedo feedback mechanism, whereby the loss of
sea ice reduces surface Albedo, consequently more warming that leads
to more sea ice loss.

All of the previous physical and dynamical processes are well docu-
mented and described using mathematical equations. These equations
are implemented together, and solved in Climate Models to simulate the
real world as close as possible. General Circulation Models (GCMs) use
mathematical equations to characterize how energy and matter interact
in different parts of the ocean, atmosphere, land. Building and running
a climate model is complex process of identifying and quantifying Earth
system processes, representing them with mathematical equations, set-
ting variables to represent initial conditions and subsequent changes in
climate forcing, and repeatedly solving the equations using powerful
supercomputers.

Climate projections under the influence of greenhouse gas emissions
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become an issue that could be tackled using climate models, and there-
fore, provide ideas on how a hypothetical emission scenario could affect
the current climate. The Representative Concentration Pathways (RCP)
is a convention for greenhouse gas (GHG) trajectories as adopted by
IPCC (2013). The trajectories describe different climate futures, based on
different possibilities of radiative forcing due to the emission of GHGs.

In this study, models are exploited to cover some gaps in our un-
derstanding of the climate system. It is not fully understood how large-
scale atmospheric variability patterns drive extreme precipitation vari-
ability. The complex interaction of the large-scale stratospheric polar
vortex, with the tropospheric synoptic patterns is important to be un-
derstood as it influences winter weather. Uncertainties in seasonal and
sub-seasonal forecast arise from the low skill in predicting drivers of
Stratospheric Polar Vortex. Further uncertainties arise in extreme pre-
cipitation variability due to the lack of observational data in some re-
gions. Therefore, the need to use climate models arises to solve large
scale and small scale dynamics

The goal of this thesis is to investigate the recent trends in extreme
precipitation frequency and intensity on the mesoscale, focusing on the
added value of using convection resolving models at high resolution to
quantify precipitation extremes, shedding light on the recent trends of
the North Atlantic Oscillation and its impact on the reduction of win-
ter precipitation extremes over Europe. Moving over to the synoptic
scale, it is aimed to advance the understanding of the nature of the cou-
pling between AO and NAO given the climate mean state changes un-

der global warming, and how stratosphere-troposphere coupling is an
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important component, connecting the Pacific and the Atlantic oceans.

1.2 Outline

The relevant literature is given in the beginning of each chapter. Meth-
ods, results, discussion and conclusion follow afterwards. In chapter
2, the objective is to study how extreme precipitation frequency and
intensity have been changing in the recent decades, focusing on how re-
solving mesoscale convection processes is important to better represent
precipitation extremes, most importantly in summer. In winter, a spe-
cial focus on the recent changes regarding the main driver of the mean
and extreme precipitation (i.e. NAO), and how it is related to a declin-
ing trend of winter precipitation extremes over Europe. Chapter 3 is
dedicated to study the nature of the coupling between AO and NAO
in light of stratosphere-troposphere interactions. The chapter answers
why the AO and NAO are strongly coupled, how to break this coupling,
what are the consequences on stratosphere-troposphere coupling, and
how the Atlantic and the Pacific ocean temperatures play an important
role in regulating atmospheric variability in the mid-latitudes. Finally,

general conclusions are presented in chapter 4.
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Chapter 2

Recent Extreme Precipitation

Trends over Europe

2.1 Introduction

* One of the most discussed effects of the current climate crisis is the
change in the occurrence of extreme precipitation (Trenberth, 2011; Tren-
berth and Josey, 2007). Considering the rarity and the spatial hetero-
geneity of the events (Myhre et al., 2019), the determination of the exis-
tence of statistically significant trends is very challenging. A very large
number of multidecadal time series is necessary to address the issue.
Nevertheless, in the scientific community there is a growing consen-
sus on the fact that there are more regions in which heavy precipitation
is increasing than decreasing (IPCC, 2013; Papalexiou and Montanari,

2019; Seneviratne et al., 2012). The use of models and reanalysis data

*The contents of this chapter are mostly submitted for peer review in the article:
Hamouda ML.E., Pasquero C.. European Extreme Precipitation: the effects of spatio-
temporal resolution of the data. 1st round of review, Weather and Climate Extremes
Journal
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to support the observed trends is limited by their relatively low spatial
resolution, especially considering that long simulations are required.

In some cases, observations have shown that heavy precipitation is
correlated with large scale variability patterns, a link that is also well
represented in models. One of the most studied links is that between
European precipitations and the North Atlantic Oscillations (NAO) (Hur-
rell, 1995; Walker and Bliss, 1932; Thompson and Wallace, 1998; Deser,
2000; Totz et al., 2017; Gueremy, Laanaia, and Ceron, 2012). The NAO
is an alternation of high and low pressure anomalies between Icelandic
and Azores pressure centers. A positive NAO phase means low pres-
sure anomalies in the Icelandic pressure center, and high pressure anoma-
lies in the Azores pressure center, resulting in wet conditions over North-
ern Europe, and dry conditions over Southern Europe, and vice versa
for anegative NAO phase. And studies have shown that both mean pre-
cipitation and the occurrence of extreme precipitation events in Europe
in the winter season are mainly influenced by the phase of the NAO
(Scaife et al., 2008; Cohen et al., 2014; Casanueva et al., 2014).

As the NAO is mainly a wintertime mode of variability, the skill
of models to reproduce seasonal precipitations becomes significantly
lower in the other seasons, most importantly in summer (Casanueva
et al., 2014), when rainfall is mainly a result of convection. A good rep-
resentation of the convective scales requires the use of a high resolution,
convection-permitting model, as model physics and parameterizations
play an important role in precipitation downscaling (Dereczynski et al.,

2020), especially in complex orography regions (Giorgi et al., 2016). For
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example, it has been shown that summertime precipitation is highly un-
derestimated in Europe using CMIP5 models (Huang et al., 2017), and
over the UK using ERA-Interim reanalysis data (Leeuw, Methven, and
Blackburn, 2014). ERA-Interim is known to have lower frequencies of
extreme precipitation events due to its low spatial resolution (Skok et
al., 2015), and summer extreme precipitation trends in Europe are also
characterized by spatial variability that can have opposite signs in close
regions (Zolina et al., 2005; Zolina et al., 2008). For these reasons, the
use of high resolution, convection-permitting models is a promising ap-
proach to have an added value for a better quantification of precipita-
tion.

In this study, the dynamical downscaling of ERA-Interim reanaly-
sis is adopted using the high resolution Weather Research and Forecast
(WRF) model for a period of 30 years, to analyze extreme precipitation
at high spatial and temporal frequencies (4 km grid spacing, 3-hourly
accumulated precipitation), to compare their interannual variability and
trends with observational and reanalysis data. Data and methods are in

section 3.2, and in section 2.3 the results are discussed.

2.2 Data and Methods

2.2.1 Data

The daily observational dataset is obtained from the EU-FP6 project

UERRA (https://www.uerra.eu) and the Copernicus Climate Change
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Service, named E-OBS. It is constructed through a conditional simu-
lation procedure interpolating station-derived meteorological observa-
tions, and comes as an ensemble dataset available on a 0.1 and 0.25 de-
gree regular grid starting from 1950. In this study, the 0.1 degree en-
semble is used from the period 1979 to 2008 which is the period that
overlaps with the high resolution WRF simulations. In this study, this
dataset is taken as the “truth” as it is derived from meteorological sta-
tions. More details about EOBS construction are found in (Cornes et al.,
2018).

Reanalysis data is obtained from the European Centre for Medium-
Range Weather Forecasts (ECMWF) ERA-Interim (Dee et al., 2011) for
precipitation and sea level pressure, in the period from 1979 to 2008.
The spatial resolution is 80 km. The most recent reanalysis data ERA5
is also used, for the same period, with spatial resolution of about 31 km
(Hersbach et al., 2020).

For the high resolution model data, the output of the simulation
run by Institute of Atmospheric Sciences and Climate - CNR using the
Weather Research and Forecasting (WRF) model is adopted. The sim-
ulation is forced by ERA-Interim reanalysis from 1979 to 2008, down-
scaled to a spatial resolution of 4 km over the EUROCORDEX domain,
and the 3-hourly temporal resolution. The simulation was validated by
comparing precipitation climatology with various observational data
such as EOBS, CRU and GPCC (Pieri et al., 2015). It was found that
WRF 4 km simulation has a lower bias with respect to EOBS data, com-
pared with ERA-Interim reanalysis, specifically in the summer season

JJA. Over the European domain, the percentage differences of WRF 4
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km to EOBS is 17%, while it is 21% for ERA-Interim to EOBS. Moreover,
in the Great Alpine Region, the percentage difference between WRF 4
km and HISTALP (Historical Instrumental Climatological Surface Time
Series Of The Greater Alpine Region) dataset is only 3%. In general,
WREF 4 km simulation tends to perform exceptionally well in summer.
An overestimation of the average rainfall is however found in winter
season. On the other hand, ERA-Interim overestimates summer precip-
itation, while it is more accurate in winter precipitation. More details

about the simulations and the validation are found in (Pieri et al., 2015).

2.2.2 Methods

The North Atlantic Oscillation is defined in (Hurrell and Deser, 2009)
by calculating the leading mode of the Empirical Orthogonal Function
(EOF) (see section 3.2.3) for sea level pressure anomalies obtained from
ERA-Interim reanalysis, for the domain (90°W — 40°E,20°N — 80°N).
Monthly data of December, January, and February (DJF) are considered.
The linear trend of the period from 1979 to 2008 is removed, and the
dataset is weighted by the square root of cosine of latitude (North et al.,
1982), then the covariance matrix is computed.

To estimate the 95th percentile of precipitation at each grid point,
the procedure described in (Husak, Michaelsen, and Funk, 2007; Zolina
et al., 2009) is used. First, a distribution function is obtained using the
whole (daily or three hourly) time series. Then, a gamma distribution
I'(x,, B) is fitted to the distribution function using shape parameter «

and scale parameter . To obtain « and B, let x be precipitation time
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series with length 7,:

A = In(x) - Zi () 2.1)
p
1 1A
a=(1+1+5) (2.2)
=" 23)

Once the Gamma distribution is defined at each grid point, the cor-
responding 95th percentile threshold is obtained from the Gamma Cu-
mulative Distribution Function. A sample of fitting Gamma probability
distribution function to the probability distribution of observed precip-
itation data from ERA-Interim is shown in figure 2.1. The figure shows
the probability distribution function for the region (9°E 4 3°,45°N £ 3°)
and the fitted Gamma distribution, which becomes more accurate when
representing more extreme values of precipitation.

The interannual variability of extreme precipitation is then esti-
mated following the procedure described in (Papalexiou and Monta-
nari, 2019): the top 2.5% most extreme precipitation events are recorded
over the 30 years of study. Then, a yearly time series of frequency of
occurrence and accumulated intensity of extreme precipitation is ob-
tained. The effects of the choice of the percentile of events studied was
tested using 1.25%, 2.5%, 5%, and has no substantial influence on the
conclusions.

To examine the effect of grid resolution on extreme precipitation

trends, WRF 4 km simulation is upscaled to match ERA-Interim grid
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resolution. Using First-order Conservative Remapping (Jones, 1999),
WRF 4 km curvilinear grid was remapped to ERA-Interim longitude-

latitude grid with a resolution of 80 km.
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FIGURE 2.1: a) An example of the probability distribu-
tion function of the observed precipitation data of ERA-
Interim reanalysis in winter season (DJF) for the re-
gion (9°E £ 3°,45°N =+ 3°) (black), and the correspond-
ing Gamma probability distribution function (red), with
the 95th percentile threshold marked in (blue). b) Daily
timeseries of wintertime ERA-Interim precipitation that
is used to obtain the distribution function in (a), with
the 95th percentile threshold marked by the blue line.
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2.3 Results and Discussion

2.3.1 Extreme precipitation threshold

Extreme precipitation threshold is defined as mentioned in section 3.2
by fitting a Gamma distribution function to precipitation distribution
function at each location, and identifying the corresponding 95th per-
centile value of the Gamma distribution.

Figures (2.2, 2.3) show maps of the 95th percentile threshold of sea-
sonal precipitation for EOBS, ERA-Interim reanalysis, and its high res-
olution dynamical downscaling using WRF for daily and 3-hourly time
scales. The figures show that the patterns of the 95th percentile are in
good agreement in the different seasons for the four datasets, where
a higher extreme thresholds follow coastlines and high orography re-
gions.

The high resolution data accommodates more detailed structures of
extremes’ threshold, particularly in regions with high orography (i.e.
the Great Alpine Region). The different amplitudes of the 95th per-
centile between low resolution reanalysis and higher resolution EOBS
and WRF is owed to the spatial averaging in the low resolution grid box
in ERA-Interim. Therefore, the high resolution downscaling is crucial
for an accurate definition of the extreme precipitation at a given loca-
tion.

The differences between the daily and 3 hourly accumulated pre-

cipitation in high resolution WRF output have a seasonal pattern: the
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95% threshold is typically larger for daily values, except for the sum-
mer season. This can be rationalized as short-duration summer pre-
cipitation is typically a result of intense convective events. Consistent
with (Hodnebrog et al., 2019), sub-daily extreme precipitation pattern
differs from that of the daily pattern, in which higher extreme value is
indicated in the 3-hourly WRF simulation. This can be seen by compar-
ing figures 2.3(b,f), where 3-hourly summer precipitation has generally

threshold than that of the daily.

2.3.2 Large Scale Synoptic Variability

Many studies show how the North Atlantic Oscillation drives winter-
time mean precipitation in Europe (e.g. Hurrell (1995) and Hurrell and
Deser (2009)). Here it is show that not only mean rainfall is correlated
with the NAO, but also the extreme precipitation is affected by the NAO
phase (consistent with Casanueva et al. (2014)). Figure 2.4,2.5 show the
temporal correlation of the monthly accumulated precipitation exceed-
ing the 95th percentiles (shown in figures 2.2,2.3) with the NAO index,
for each season. Only significant correlations (p — value < 0.05) are
shown. For wintertime extreme precipitation, the figures show the well
known dipole-like correlation, in which northern Europe is correlated to
NAO, while southern Europe is anti-correlated to NAO. Summer NAO
negative correlation with extreme precipitation is seen in limited areas
in northern Europe, and unlike in (Casanueva et al., 2014), the positive

correlation disappears in southern Europe for this 30-year period.
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e) R95th DJF dally ERAI

a) R95th DjF dally EOBS

FIGURE 2.2: The value of the 95th percentile of sea-

sonal precipitation using EOBS (left column) and ERA-

Interim reanalysis (right column) daily data for the pe-
riod from 1979 to 2008. (Unit: mm /day)

mm/day
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FIGURE 2.3: Similar to figure 2.2, except for WRF daily
data (left column), WRF 3-hourly data (right column).
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a) Corr. (R95 NAO) DJF dally EOBS e) Corr. (R95 NAO) DJF daily ERAI

FIGURE 2.4: Temporal correlation coefficient of

monthly accumulated precipitation that exceeds the

95th percentile with NAO PC index for: EOBS (left col-

umn) and ERA-Interim reanalysis (right column), daily

data. Only statistically significant correlation (p < 0.05)
is shown.
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a) Corr. (R95,NAO) DJF dally WRF e) Corr. (R95,NAO) DJF 3hr WRF
: 60 ;

FIGURE 2.5: Similar to figure 2.4, except for WRF daily
data (left column), WRF 3-hourly data (right column).
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The temporal and spatial high resolutions are also examined us-
ing 4 km spatial resolution, daily and 3-hourly temporal resolution.
By comparing the 3-hourly WRF simulations in figures (2.4,2.5) for the
transition seasons (SON and MAM), negative correlation of the short-
lived extreme precipitation events with the NAO become significant for
wider regions over Europe. Further positive correlation signal in DJF
appears over the Great Alpine Region in WRF 4 km simulation as in

figure 2.5(a,e), a signal that is not evident in ERA-Interim reanalysis.

2.3.3 Seasonal Trends of Extreme Precipitation

According to the Clausius-Clapeyron relation, when global tempera-
ture increases, the air can hold more moisture. More moisture means
more frequent and intense extreme precipitation, as more latent heat re-
leased during condensation further increases the buoyancy of the air,
favoring further upward motion and thus more condensation. This is
concluded by some studies (e.g. Fischer and Knutti (2016), Zolina et
al. (2008), and Papalexiou and Montanari (2019)), where rain gauges
data and models show that the trend of extreme precipitation is posi-
tive in many locations, in correspondence to the warmer climate of the
last decades. Here, a similar analysis is followed as in Papalexiou and
Montanari (2019), by recording the top 2.5% most extreme precipitation
events, then calculating the linear trend of extreme precipitation inten-

sity and frequency of occurrence as detailed in Methods section.
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Figures (2.6,2.7) show seasonal trends of extreme precipitation fre-
quency of occurrence for daily EOBS, ERAI and WRF, and WRF 3-
hourly time scale. Similarly, figures (2.8,2.9) show seasonal trends of
extreme precipitation intensity. Figures (2.11,2.10) show both seasonal
trends of frequency and intensity for WRF regridded (to ERA-Interim
grid spacing, see Methods section) and ERAb5 reanalysis respectively.

For wintertime, panels (a,e) of figures (2.6-2.10) show mostly pos-
itive trends over north Europe, and generally negative trends over
southern Europe, an aspect that is common for all datasets, except for
the 3-hourly timescale, in which positive trends dominate in most of the
domain.

The characteristic positive/negative dipole of daily precipitation
trends for north/south Europe can be explained by the positive trend
of the NAO over the studied period (Scaife et al. (2008), Goodess and
Jones (2002), Pinto and Raible (2012), and Santos et al. (2018)), and the
general tendency of the NAO to become more positive under global
warming conditions (Coppola et al., 2005; Gillett and Fyfe, 2013). Fig-
ure 2.13 shows the NAO index for station-based data, highlighting the
recent positive trend of the NAO starting from 1965 onward. As the
NAO tends to become more positive, extreme precipitation increases in
northern Europe, and drier conditions prevail over southern Europe.
This wintertime characteristic dipole is summarized in figure 2.14. The
figure shows the ratio of the count of the number of grid points with
positive trends to the count of the number of grid points with nega-

tive trends, divided for Northern and Southern Europe. The separation
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latitude is taken at 49° N, which marks the change of the sign of precip-
itation correlation with winter NAO index in figure 2.4.

Further confirmation to the previously described NAO dependent
dipole s carried out. The period of analysis is changed to start from 1990
to 2010 using EOBS dataset. This is motivated by the need to examine a
different period with a negative NAO trends. As shown in figure 2.13,
the period of 1990-2010 shows a strong negative NAO trend. The trend
of extreme precipitation frequency in EOBS is calculated in figure 2.12,
and indeed demonstrates the opposite sign of the dipole over Europe
(negative (positive) trends in northern (southern) Europe), concluding
that winter extreme precipitation events are tied to wintertime NAO
variability.

For summer and transition seasons, some agreement in the patterns
between EOBS, ERAI, ERA5, and WREF daily are evident (figures 2.6-
2.10). However, ERAI and ERADJ fail to capture the correct trend, espe-
cially over high orography, emphasizing the important role of resolv-
ing convective precipitation using high resolution models (Giorgi et al.,
2016).

From this analysis, it seems that ERA-Interim tends to overestimate
the large scale precipitation component, even in transition seasons, in
which the fraction of precipitation due to convection dominates large
scale precipitation. In spring (MAM), figure 2.4g shows that the France
and North of the Iberian peninsula are negatively correlated with NAO.
These regions have mostly negative extreme precipitation trends (fig-

ure 2.6g,2.8g). The reason for this could be the positive trend of spring



30 Chapter 2. Recent Extreme Precipitation Trends over Europe

NAO over the past decades as in (Santos et al., 2018). Therefore, a nega-
tively correlated spring NAO with a positive trend consequently result
in a negative trend of extreme precipitation frequency. On the other
hand, despite the negative correlation of spring NAO with extreme pre-
cipitation, EOBS and WREF rather show positive trends of extreme pre-
cipitation frequency figures (2.6-2.9)c & 2.11(c,g). This can be related
to the accountability of the convective precipitation in both EOBS and
WREF datasets, while ERA-Interim overestimates large-scale precipita-
tion component.

Moreover, in summer, the Mediterranean sea is considered an im-
portant source of moisture feeding extreme precipitation over central
Europe (James et al., 2004; Stohl and James, 2005), a source that is driven
by the so-called Vb-track, which is characterized by upper level strong
south-westerly wind from the Mediterranean driving surface low pres-
sure systems toward central Europe (Bebber, 1891). It has been shown
that the Mediterranean is a hot-spot for global warming (Giorgi, 2006)
with an increasing SST, especially in the period (2000-2012) (Rayner et
al., 2003). (Volosciuk et al., 2016) use atmospheric model simulations
to show that a warmer Mediterranean increases precipitation extremes
over central Europe. Despite of this, ERA-Interim and ERA5 do not
show the pattern of the positive extreme precipitation trends over cen-
tral Europe and the Alpine region figures (2.6f,2.8f,2.10b,f), while WRF 4
km run succeeds to correct these trends using the dynamical downscal-
ing (figures 2.7b,2.9b) which is consistent with EOBS (figures 2.6b,2.8b).

Most of the individual extreme precipitation time series do not have

a significant trend at the 5% significance level. Moreover, signals are
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certainly spatially correlated as storms and large scale environmental
conditions generate spatial precipitation patterns. Accounting for these
caveats, one can establish over the study region whether the signals
are consistent with a null hypothesis of stationarity in the occurrence
and intensity of extreme precipitation or not. To this end, it is useful
to compute the ratio of the count of positive to the count of negative
trends over the domains as shown in figures (2.6-2.11) for extreme pre-
cipitation frequency and intensity (figure 2.15). A ratio higher than 1
means that positive trend in the frequency of occurrence is more dom-
inant than negative trends. The opposite applies for ratios less than 1.
As the number of degrees of freedom to compute it increases, the ratio
should approach one in the null hypothesis of stationarity. The EOBS
dataset indicates a ratio smaller than one for DJF and larger than one
for all other seasons. Wintertime extreme precipitation, as it has already
been discussed, mainly reflect a dynamical change in the large scale at-
mospheric circulation associated to the NAO phase. The fact that the lo-
cations in which extremes decrease are more than the locations in which
they increase can be linked to the fact that a large region in Europe has
precipitation which are anti-correlated with NAO. Extreme precipita-
tion in the rest of the year show an overall increasing trend both in the
frequency of occurrence and in their intensity (ratio larger than one)
in the EOBS dataset, suggesting that the overall increase expected in re-
sponse to a warming world could be responsible for the observed signal
over Europe.

Figure 2.15 shows that ERA-Interim and ERAS fail to capture the

increasing frequency and intensity of extreme precipitation in summer
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and transition seasons, while they succeed in representing extreme pre-
cipitation changes in winter. This latter result is consistent with its link
to NAO variability, that is well represented in reanalysis products. An
improvement in using ERA5 with respect to ERA-Interim is evident in
SON for frequency trends, in MAM and SON for intensity trends. This
could be due to the improved convective precipitation parameterization
in ERA5 (Hersbach et al., 2020).

Higher temporal and spatial resolutions from WRF dynamical
downscaling simulations show more consistent ratios with respect to
gridded observation data (EOBS), for which the ratio of the number of
positive to negative trends for non-winter seasons is captured. During
fall, however, high resolution WRF output indicates a larger increase of
intense precipitation over time than the gridded product EOBS.

For the short-duration extreme precipitation events (WRF 3-hourly),
figures (2.7,2.9 right column) & 2.15 show that, regardless of the season,
positive trends of extreme precipitation frequency and intensity domi-
nate the European domain, which is consistent with (Hosseinzadehta-
laei, Tabari, and Willems, 2020; Cannon and Innocenti, 2019; Kendon
et al., 2014). Moreover, figure 2.9(e-h) also shows the previously men-
tioned general positive trend. However, it also illustrates that the sum-
mer (JJA) has the strongest and most widespread positive trends with
respect to other seasons. This is discussed by (Mishra, Wallace, and Let-
tenmaier, 2012; Lenderink and Meijgaard, 2010), where it was shown
that in summer the dependence of short-duration extreme precipitation
on air temperature (Clausius-Clapeyron scaling) doubles with respect

to winter.
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To further investigate the added value of the high resolution and
the dynamical downscaling that resolves convection, the analysis is re-
peated on WRF simulations after statistically regridding (upscaling) the
data (see Methods) to a resolution equivalent to that of ERA-Interim.
Figure 2.11 shows seasonal trends of extreme precipitation frequency
and intensity for the regridded WRF simulations. The figure shows that
the trends of regridded WRF simulations in DJF do not change, and are
consistent with those in EOBS and ERA-Interim. In summer and tran-
sition seasons, regridded WREF still shows trends similar to these of the
high resolution simulations. This is also shown in figure 2.15, where
upscaling WRF from 4 km to a lower resolution does not dissipate the
added value of the high resolution, showing the same ratio as the high

resolution data in all season.
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a) Trend freq EOBS dally DJF e) Trend freq ERAI dally DJF

FIGURE 2.6: Seasonal trends of extreme precipitation

events frequency for the daily data of EOBS (left col-

umn) and ERA-Interim reanalysis (right column). Unit:
(1/year).
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a) Trend freq. WRF daily DJF
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FIGURE 2.7: Similar to figure 2.6, except for WRF daily
data (left column), WRF 3-hourly data (right column).
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a) Trend mten EOBS dally DJF e) Trend inten. ERAI dally DJF
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FIGURE 2.8: Seasonal trends of extreme precipita-

tion intensity for the daily data of EOBS (left col-

umn) and ERA-Interim reanalysis (right column). Unit:
(mm/day/year).
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FIGURE 2.9: Similar to figure 2.8, except for WRF daily
data (left column), WRF 3-hourly data (right column).
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a) Trend freq. ERAS dally DJF e) Trend |nten ERAS5 dally DJF

FIGURE 2.10: Seasonal trends of extreme precipita-

tion for ERA5 daily data. Left column: Frequency

trends (1/year). Right column: Intensity trends
(mm/day/year).
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a) Trend freq. WRF dally DJF e) Trend inten. WRF dally DJF

FIGURE 2.11: Seasonal trends of extreme precipita-

tion for WRF regridded daily data. Left column: Fre-

quency trends (1/year). Right column: Intensity trends
(mm/day/year).
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It is concluded that the difference with respect to the ERA reanal-
ysis is not related to the size of the grid box over which averages are
taken, but indeed it is related to differences in the small scale dynamics.
Therefore, it is hypothesized that this is due to the convective parame-
terization used in the reanalysis, that provides different results from the
mesoscale convection resolving WRF downscaling. It is concluded that
the dynamical downscaling at high resolution has a relevant impact on
the statistics of extreme precipitation.

In closing this chapter, it is worth noting that the NAO mode of
variability has been changing over the recent decades under climate
change. A positive trend of NAO index is observed in the studied pe-
riod from 1979-2008 as shown in figure 2.13. Moreover, under a hypo-
thetical scenario of climate warming (IPCC A2 forcing (IPCC, 2000)), in
studies such as Coppola et al. (2005) and Gillett and Fyfe (2013) show
that the distribution of NAO occurrence continues to change, meaning
that the NAO is a variability pattern which depends on the mean cli-
mate state. The growth of a new positive NAO regime in the frequency
of occurrence of the NAO on the expense of the negative NAO, has con-
sequences on the European climate as shown previously. Therefore, the
following chapter further investigates more related dynamics regard-
ing this mode of variability under the light of stratosphere-troposphere

coupling.



2.3. Results and Discussion 41

FIGURE 2.12: Winter trend of extreme precipitation for
EOBS daily data for the period 1990-2010 which coin-
cides with a negative trend of NAO index. Unit: 1/year.
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FIGURE 2.13: Time series of the station-based NAO in-

dex from 1864 to 2009 for the season DJFM. Unfiltered

data is showing year to year (Red); a 31-year filter is ap-

plied illustrating the low-frequency variability (Black).
(From Pinto and Raible (2012))
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FIGURE 2.14: Wintertime (DJF) ratio of positive to neg-

ative trends of extreme precipitation events frequency

in EOBS, ERA-Interim and ERAS reanalysis, WRF daily

data. Trend summation is calculated for northern and

southern Europe. North: 49.1°N — 63°N. South:

34°N — 49°N. Error bars indicate the spread of the ratio
by random sub-sampling within the domain.
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FIGURE 2.15: Ratio of positive to negative trends of
extreme precipitation events frequency in EOBS, ERA-
Interim reanalysis, WRF daily data at 4 km and regrid-
ded to ERA grid (WRF daily regrid), and WRF 3-hourly
data, as shown in figures (2.6,2.7). Error bars indicate
the spread of the ratio by random sub-sampling within

the domain.
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FIGURE 2.16: NAO index for the mean of 37 CMIP5
models merged historical and RCP 4.5 simulations
(black) for DJF. The gray band shows the range from the
second to the 36th largest anomaly in each year based
on a single ensemble member from each of the 37 mod-
els, a non-parametric estimate of the 5-95% confidence
range. Colored lines show observational annular mode
indices derived from HadSLP2r (red) and 20CR (green)
data. Simulated anomalies are shown relative to an
1861-1900 climatology, and observations are centered
on the multi-model ensemble mean over the period for
which they are shown. From Gillett and Fyfe (2013)
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Chapter 3

Decoupling of AO and NAO

3.1 Introduction

* The position of the storm track and the seasonal precipitation over Eu-
rope and Eastern North America are known to be linked to the phase
of the North Atlantic Oscillation (NAO) which is the most prominent
pattern of atmospheric variability over middle and high latitudes in
the Northern Hemisphere. The NAO is described as an alternation be-
tween two pressure systems, the Azores High and the Icelandic Low,
which in turn influences weather conditions over large areas (Walker
and Bliss, 1932; Hurrell, 1995). The Arctic Oscillation (AO, also known
as the Northern Annular Mode, NAM) has been introduced (Thompson
and Wallace, 1998; Thompson and Wallace, 2000; Thompson, Wallace,
and Hegerl, 2000) as a hemispheric climate variability pattern charac-
terized by a primary center of action over the Arctic, and two oppo-

site centers of action in mid-latitudes, one over the North Pacific, and

“The contents of this chapter are mostly published in the article: Hamouda M.E.,
Pasquero C, Tziperman E.. Decoupling of the Arctic Oscillation and North Atlantic
Oscillation in a warmer climate, Nature Climate Change. DOI: 10.1038/541558 —
020 — 00966 — 8. Online January 11, 2021
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the other over the North Atlantic. A negative AO is usually associ-
ated with pronounced meridional wind patterns and has been linked
with the occurrence of surface extremes in the mid latitudes (Cohen et
al., 2014). Despite the annular (zonally-symmetric) structure that char-
acterizes the AO, sea level pressure (SLP) anomalies in the North At-
lantic and North Pacific centers of action are not correlated (Ambaum,
Hoskins, and Stephenson, 2001), suggesting that each one of them can
exist independently of the other.

The present-day monthly temporal correlation between AO and
NAO is very high, with correlation coefficients up to 0.95 (Wanner et
al., 2001; Deser, 2000). For this reason, the NAO is often referred to as
the local manifestation of the AO, and the two terms have been used
interchangeably (e.g., (Cohen et al., 2014; Holland, 2003; Baldwin and
Dunkerton, 2001; Cohen and Barlow, 2005)). Their variability has been
shown to be affected by stratospheric anomalies: in winter, the correla-
tion between the 90-days low pass filtered anomalies of 10 hPa and 1000
hPa geopotential height exceeds 0.65, when surface anomaly time se-
ries is lagged by about three weeks, meaning that stratospheric anoma-
lies are good precursors to surface NAO/AQO conditions (Baldwin and
Dunkerton, 2001; Baldwin and Dunkerton, 1999). On the other hand,
the stratospheric polar vortex is known to be influenced by various tro-
pospheric phenomena, such as tropical and extra-tropical variability, in-
cluding El Nifio Southern Oscillation (ENSO) (Butler and Polvani, 2011),
Quasi-Biennial Oscillation (QBO) (Baldwin et al., 2001), the Madden-
Julian tropical atmospheric oscillation (Jiang, Feldstein, and Lee, 2017;

Garfinkel et al., 2012; Kang and Tziperman, 2017) and sea-ice or snow
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cover changes in the Arctic region (Wu and Zhang, 2010; Peings and
Magnusdottir, 2014; Garcia-Serrano et al., 2015; Ruggieri et al., 2017;
Kretschmer et al., 2016; Nakamura et al., 2016; Cohen et al., 2007). En-
hanced air-sea fluxes and /or deep convection generate a delayed warm-
ing response in the polar stratosphere, which eventually often triggers
a negative NAO/AO phase (Jiang, Feldstein, and Lee, 2017; Garcia-
Serrano et al., 2015; Kretschmer et al., 2016; Deser, Tomas, and Peng,
2007).

In this study, the dependence of AO and NAO on climate mean
state is investigated, showing that their correlation breaks down in a
warmer climate, and suggesting a sufficient condition for the change.
Then, a discussion of the implications of these modifications on the
stratosphere-troposphere coupling follows. For this purpose, the re-
sults obtained from the Coupled Model Intercomparison Project Phase
5 (CMIP5) for the historical period and for the Representative Concen-
tration Pathway 8.5 (RCP8.5) scenario, and from simulations of an in-
termediate complexity model are used, and compared with reanalysis
data. The present-day climate with the most extreme climatic scenario
of the representative concentration pathway, RCP8.5, during the 23rd
century are compared. This time frame is chosen to shed light on the
theoretical behavior of these coupled modes of variability and demon-

strate that they can behave very differently under large climate forcing.
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3.2 Data and Methods

3.2.1 Data

The adopted reanalysis presented in the study is obtained from the
NCEP Climate Forecast System Reanalysis (CFSR) (Saha et al., 2010),
for SLP and geopotential height from 1000 to 10 hPa levels in the pe-
riod from 1979 to 2018. The spatial resolution is 0.5° x 0.5°. The reanal-
ysis from the European Centre for Medium-Range Weather Forecasts
(ECMWEF) ERA-Interim for SLP is also demonstrated, in the period from
1979 to 2018. The spatial resolution is 80 km (T255 spectral).

Model data was obtained from the Coupled Models Intercompar-
ison Project 5 (CMIP5). The following CMIP5 models were used:
MPI-ESM-LR (Raddatz et al., 2007), IPSL-CM5A-LR (Dufresne, Foujols,
and Denvil, 2013), CCSM4 (Gent et al., 2011), CNRM-CM5 (Voldoire,
Sanchez-Gomez, and Mélia, 2013), HadGEM2-ES (Johns et al., 2006),
and GISS-E2-R (Schmidt et al., 2014). They comprise all models avail-
able for 23rd Century in the RCP8.5 scenario. No a-priori model se-
lection has been performed. All models were re-gridded to a common
2.5° x 2.5° resolution. The historical period (Hist) includes the data from
1901 to 2000, and the considered period for (RCP8.5) projections, is from
2201 to 2300.

3.2.2 Definition of AO, NAO

The Arctic oscillation is defined as in Thompson and Wallace (1998) as
the leading mode of the Empirical Orthogonal Function (EOF) analy-

sis (see section 3.2.3) for SLP anomalies for the hemisphere north of
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20°N. Similarly, the North Atlantic Oscillation is defined as in Hur-
rell and Deser (2009) by calculating the leading mode of the Empir-
ical Orthogonal Function (EOF) for SLP anomalies, for the domain
(90°W — 40°E, 20°N — 80°N)).

Monthly data of December, January, and February (DJF) is consid-
ered, after removal of the climatological seasonal cycle. The data is de-
trended and is weighted by the square root of cosine of latitude(North
et al., 1982) before computing the covariance matrix.

For the temporal correlation in figure 3.3b, to take into account the
non-stationarity of the correlation within the 100 years of historical and
RCP8.5, the spread is obtained by randomly sub-sampling model runs
to 40 years (which is equivalent to the length of reanalysis), then cal-
culating mean correlation coefficient (point) and the standard deviation
(error bar), as presented in figure 3.3b.

The spatial correlation in figure 3.3(a,c) is calculated by regrid-
ding reanalysis and models to a common 2.5° x 2.5° grid. In case of
AO/NAQO correlations, SLP anomalies north of 20°N are regressed onto

the NAO index, and the obtained pattern is correlated to AO pattern.

3.2.3 Empirical Orthogonal Function Analysis
Using Eigenvectors

Based on Peixoto and Oort (1992). Consider N vectors of the size M x 1,
f, = fun, to be detrended sea level pressure anomalies, weighted by
\/cos(lat). Each vector represents data at a given time. The covariance

matrix C is defined as:
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1
CMmxm = NPMXNFITMM (3.1)

whose element C;; = % ZnN:1 finfin so that each entry in the M x M
matrix C contains the temporal covariance between two corresponding
spatial points.

Eigenvectors of C satisfy:
Cu]‘ = /\u]‘ (3.2)

The constrained optimization problem of maximization and requiring
u; to be of unit magnitude is solved using Lagrange multipliers by max-
imizing:

u]-TCuj +A(1- u]-Tuj) (3.3)

Because the covariance matrix is symmetric, the eigenvectors u; are
orthogonal. The eigenvector u; is maximized, and is equal to the corre-

sponding eigenvalue:
u/Cuj = u/Aju; = A; (3.4)

One can project the data at a given time f;;, on a principal component

u;, to obtain thee amplitude for this principal component at that time,

t]'n = fn - (35)
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The data vector at this time may then be expanded in terms of all of

the principal components as:
M
fu= L wihn 66
j=1

Thus, for a given mode j, the amplitude ¢}, isan 1 x N vector t;, repre-
senting the time series of the amplitude of the principal component u;.
The expansion of the data in terms of the principal components may be

written in matrix form as:

Fvixn = UpmxmTmxnN (3.7)

and multiplying the transpose of the orthogonal matrix of principal

components, the time series coefficient is to be given by
T=U'F (3.8)

The total variance is the trace of the covariance matrix (sum of diago-
nal elements), which is also equal to the sum of eigenvalues, trace(C) =
Zinl Aj. As aresult of this, the fraction of the variance explained by the

iith PC, u; is:
Ai
— (3.9)
Zinl Aj
Using Singular Value Decomposition

Based on Banerjee and Roy (2014). Consider N vectors of the size M x 1,

f, = fun, to be detrended sea level pressure anomalies, weighted by
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\/cos(lat). Each vector represents data at a given time. The Singular

Value Decomposition (SVD) is:

Fryiun = UnsxmEmxNViin (3.10)

The columns of U are eigenvectors of FFT, and correspond to the eigen-
vectors of the principal components (EOFs), describing the spatial pat-
tern. The expansion coefficient were obtained from the data by project-
ing on the EOF vectors using T = UTF. Given the SVD of F, the PC

timeseries is obtained by projecting:
T=u'uzv? =xvT (3.11)

The columns of V are the expansion coefficients (PC timeseries).

The advantage of the EOF analysis using SVD is smaller round-off
errors, since the data matrix is not squared. However, the advantages
of using the covariance matrix is that it is usually (N > M), as there
are often more time steps than spatial points, and using the covariance

matrix then leads to a much smaller problem.

3.2.4 Polar Vortex

For this part of the analysis, the daily data of geopotential height from
1000 hPa to 10 hPa is considered, for the months from November to
April. For reanalysis, the period from 1979 to 2018 is used. Due to the
limited availability of CMIP5 daily data in the extended RCP8.5 sim-

ulations, the analysis is performed using two models: MPI-ESM-LR,
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from 1950 to 2000 for the historical period, and from 2281 to 2300 (and
2181-2200, not shown) for the RCP8.5 simulation, and IPSL-CM5A-LR
historical simulations from 1901 to 2000, and RCP8.5 simulations from
2201 to 2300. 23rd century daily data from other models are no longer
publicly available.

The calculation of the daily Northern Annular Mode (NAM) index
in each pressure level is obtained similarly(Baldwin and Dunkerton,
2001) as follows: Geopotential height data are detrended and the cli-
matological seasonal cycle is removed. Then data are weighted by the
square root of cosine latitude. For the hemisphere north of 20°N, the first
EOF of monthly NDJFMA geopotential height anomalies is calculated,
for each pressure level from 1000 hPa to 10 hPa independently. Then
daily geopotential height anomalies of NDJFMA are regressed onto the
EOF of each level. This results in NAM index (GPH PC index) for each
pressure level.

The onset of a weak polar vortex event is defined by the 10 hPa level
NAM index. When the 10 hPa index is < —1.5, the composite is cap-
tured for all pressure levels from -90 to +90 lag-lead days from the onset
which is at 0 days. The same is done for strong polar vortex, except that
the NAM index is > +1.

The NAM is also examined explicitly in the North Atlantic sector,
by repeating the same analysis mentioned before, except that for the
domain (90°W — 40°E,20°N — 80°N) as in figure 3.12, 3.13. However,
the onset of a weak polar vortex is still using the NAM index of the
hemisphere north of 20°N.

Statistical significance of the results shown in fig. 3 and similar, is
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done by calculating uncertainty bounds based on random sampling us-
ing a boot strapping approach. This is done by randomly sampling the
same number of winters from the distribution, and comparing the ob-

served signal to the 95th percentile of the random sampling distribution.

3.2.5 SPEEDY AGCM Simulation

The International Center for Theoretical Physics (ICTP) Atmospheric
General Circulation Model (AGCM) is nicknamed SPEEDY for "Simpli-
tied Parameterization, primitvE Equation DYnamics", which is based
on a spectral dynamical core (Held and Suarez, 1994). It is an inter-
mediate complexity atmospheric model, with eight vertical layers and
a triangular truncation of horizontal spectral fields at total wave num-
ber 30. It is a hydrostatic, o-coordinate, spectral transform model in the
vorticity-divergence form (Bourke, 1974). The parameterized processes
include short- and long-wave radiation, large-scale condensation, con-
vection, surface fluxes of momentum, heat, moisture and vertical diffu-
sion. Convection is represented by a mass-flux scheme that is activated
where conditional instability is present and boundary-layer fluxes are
obtained by stability-dependent bulk formulae. Further description of
the model is in (Molteni, 2003; Kucharski et al., 2013). The representa-
tion of the NAO and some applications using the model can be found
(Kucharski and Molteni, 2003; Kucharski, Molteni, and Bracco, 2006a).
Despite the low-lid stratosphere (30 hPa), the model is able to capture
troposphere-stratosphere interactions, such as the triggering of a neg-

ative NAO through the stratosphere due to reduced sea ice in Barent
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and Kara seas (Ruggieri et al., 2017). Note that for the stratosphere-
troposphere coupling, the onset of WPV events is based on NAM index
of 30 hPa, considering the EOF that spatially corresponds to the polar
vortex and AO in all pressure levels.

Two simulations are conducted, each simulation is 50 years long
from 1961 to 2010. A control run (CTL) has monthly prescribed clima-
tological SSTs using Hadley Center (HadSST) data. A perturbation run
(Pac_P) is the same as CTL, except that in the North Pacific, a persistent
Gaussian-shaped SST warming is added with a peak of 6°C to qualita-
tively mimic the relative SST conditions in the Pacific and the Atlantic
in RCP8.5 (i.e. North Pacific ocean warmer than North Atlantic ocean).

figure 3.5 shows the SST forcing used in the experiment.
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3.3 Decoupling of the Arctic and North Atlantic Os-

cillations

Wintertime SLP climatology is characterized by the Aleutian low pres-
sure in the North Pacific, and the (deeper) Icelandic low pressure center
in the North Atlantic, with a high pressure center over the polar cap,
as in the contours of Fig. 3.1(a,b). The variability of the Atlantic and the
Pacific pressure systems are of similar magnitudes in the current climate
(shading in Fig. 3.1(a,b)).

The Icelandic and the Aleutian low pressure systems represent the
main centers of action of the AO mode of variability (Thompson and
Wallace, 1998) as the leading mode of the Empirical Orthogonal Func-
tion (EOF) analysis of SLP of the hemisphere north of 20°N. Similarly,
the NAO is defined (Hurrell and Deser, 2009) as the first EOF of SLP
in the domain (90°W — 40°E,20°N — 80°N). The EOF analysis is per-
formed using monthly mean SLP for boreal winter (DJF). It is worth
stressing that EOFs are statistical patterns defined to most efficiently
characterize the co-variability of the system, but they do not necessar-
ily represent a physical mechanism nor relate to real causal connections
among different regions. Notice that with these definitions of AO and
NAO, the variability patterns can be different in a different climate, and
no link with the patterns identified in the current climate is prescribed.

The observed AO and NAO patterns in the state-of-art reanalysis
(NOAA-CFSR) (Saha et al., 2010) are shown in figure 3.1(d,g), based
on the period from 1979 to 2018. The historical period is simulated by
CMIP5 models from 1901 to 2000. Visual inspection of the variability
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patterns computed from the simulation outputs indicates a good agree-
ment between CMIP5 models and reanalysis (see figure 3.1(e,h), and
figure 3.2), apart from the model GISS-E2-R, in which the AO pattern
has a rather weak center of action over the Atlantic.

A quantification of the performance of CMIP5 models in represent-
ing variability patterns in the historical simulations is obtained by com-
puting the spatial correlation between the EOFs derived from the mod-
els and from the NOAA-CFSR reanalysis. Results indicate that in all
cases, correlation coefficients are larger than 0.87 (figure 3.3a).

The patterns of variability in CMIP5 models were also computed in
the RCP8.5 scenario, and results are shown for the period from 2201
to 2300, which represents the warmest global conditions in the simu-
lation. AO variability in a warmer climate weakens significantly over
the Atlantic, while it strengthens over the Pacific (compare fig. 3.1(d,e)
to fig. 3.1f). Comparison of fig. 3.1(g,h,i) illustrates that no significant

change occurs to the NAO pattern.



58 Chapter 3. Decoupling of AO and NAO

a) SLP DJF NOAA-CFSR d) NOAA-CFSR SLP(AO) EOF1 23% g) NOAA-CFSR SLP(NAO) EOF1 40%
e T T T T

- ~ 30N, \\\ /,, -~ 30N, .

b) SLP DJF

=I5

f) MPI RCP8.5 SLP(AO) EOF1 27% i) MPI RCP8.5 SLP(NAO) EOF1 37%

~302N IS ~ -30°N I 6

N,
/

FIGURE 3.1: Sea level pressure climatology and modes
of variability. Wintertime DJF monthly mean sea level
pressure (SLP) (contours in hPa), and standard devia-
tion (shading in hPa) for a) NOAA-CFSR reanalysis, and
MPI-ESM-LR b) historical and ¢) RCP8.5. The leading
EOF mode (AO) for DJF sea level pressure (SLP) for
d) NOAA-CFSR reanalysis, and MPI-ESM-LR) histor-
ical and f) RCP8.5. (gh,i) are similar to (d,ef) except
that global SLP is regressed onto the NAO index. The
explained variance by the EOF is indicated on top of
each panel. Note that the explained variance of (g,h,i)
refers only to the variability in the North Atlantic sector.
(Shading unit: hPa, corresponding to 1 standard devia-
tion of the PC.)
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FIGURE 3.2: The Arctic Oscillation in ERA-Interim re-
analysis, historical and RCP8.5. The leading EOF mode
(AO) for wintertime (DJF) sea level pressure (SLP) for
Historical (Hist) and RCP8.5 in CMIP5 models. Note
that SPEEDY panels refer to the control run using cli-
matology (CTL) and for pacific SST perturbation run
(Pac_P). (Unit: hPa corresponding to 1 standard devi-
ation of the PC). Explained variance by the EOF is indi-
cated on top.

The different response of AO and NAO to a warmer climate is re-

markable, considering their strong correlation in the present climate.
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In fact, from NOAA-CFSR reanalysis data the spatial correlation coeffi-
cient between AO and NAO patterns is 0.93, and the temporal correla-
tion between their principal component (PC) monthly time series is 0.91.
Most of the analyzed models show high AO/NAO correlations in the
historical period (values higher than 0.81 are found for all the models
except for GISS), while in the warmer climate the temporal and spatial
correlations mostly decrease (Fig. 3.3(b,c)). The only model that does
not show a decrease in the correlations is GISS, which as mentioned be-
fore, does not simulate a good AO pattern and has the lowest AO/NAO
correlations in the historical period. Therefore it is not considered as a
reliable model in this respect. To account for the different size of the
samples between reanalysis and model data, error bars in figure 3.3b
indicate the standard deviation of the correlation when sub-sampling a
40-year time series within the 100 year period of historical or RCP8.5
The decoupling between AO and NAO is expressed as a weakening
or a disappearance of the Atlantic center of action in the AO pattern (see
figure 3.2), while the Pacific center of action strengthens. The statistical
insight offered by the EOF analysis can be put into perspective by fo-
cusing on the following physical mechanism. The alternating change in
SLP between middle and high latitudes associated with the AO trans-
lates to latitudinal displacement of atmospheric mass, possibly due to
planetary wave breaking (Polvani and Saravanan, 2000). A negative
AO phase is associated with anomalous high pressure in high latitudes,
and a low pressure anomaly in mid latitudes. The implied anomalous

mass redistribution is typically expressed in the Atlantic and/or Pacific
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basins, not necessarily at the same time (as indicated by the lack of cor-
relation between Pacific and Atlantic anomalies (Deser, 2000)).

The high correlation between NAO and AO in the current climate
indicates that the preferred sector for the occurrence of the anomalous
meridional eddy fluxes is the North Atlantic, which is warmer than the
North Pacific during winter months, and has a more variable jet stream.
In the warm climate RCP8.5 scenario, the preferred sector becomes the
North Pacific. It is worth noting that this change is associated with a
substantially larger increase of sea surface temperature (SST) over the
North Pacific compared to the North Atlantic, due to the slowdown of
the Atlantic meridional overturning circulation(Chen et al., 2019; Sével-
lec, Fedorov, and Liu, 2017; Rahmstorf et al., 2015) that results in the
so-called Atlantic warming hole (see (Hartman et al., 2013; Alexander
et al., 2018), and figure 3.4).

Moreover, in the historical period, the Icelandic low is deeper and as
variable as the Aleutian low (Fig. 3.1(a,b) and fig. 3.7a). In the RCP8.5
climate, the variability shifts completely to the Aleutian low, whose
winter mean low pressure becomes similar to that of the Icelandic low

Fig. (3.1¢,3.7a).
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FIGURE 3.3: a) spatial correlation coefficient of the AO
& NAO: reanalysis versus models in the historical sim-
ulations. b) Temporal correlation of monthly mean sea
level pressure SLP (DJF) PC index, AO versus NAO (er-
ror bars indicate the standard deviation of the correla-
tion when sub-sampling a 40-year time series within the
100 year period of historical or RCP8.5). c) Spatial corre-
lation of AO versus NAO in the historical and RCP8.5.
Sea level pressure (SLP) of the hemisphere north of
20°N is regressed onto the NAO PC index and then cor-
related with AO. Note that SPEEDY red points refer to
experiment (Pac_P) where the model is forced by warm
SST in the North Pacific. All correlation coefficients are
significant with (p — value < 0.05).
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FIGURE 3.4: Pacific ocean SST response is stronger

than the Atlantic. Climatology response of DJF sea sur-

face temperature (RCP8.5-Historical) from MPI-ESM-
LR.

In the 23rd century RCP8.5 scenario simulations, the climate mean
state differs in many aspects from the current state. In order to dis-
entangle the responsible climate modification for the observed de-
coupling, and to propose a possible explanation, a simple experi-
ment is performed using the ICTP Atmospheric General Circulation
Model (Molteni, 2003; Kucharski et al., 2013) “SPEEDY AGCM” (fur-
ther details in Methods). A control simulation (CTL), corresponding to
the historical case, is compared with a perturbation run (Pac_P), forcing

the model by a 6°C Gaussian-shaped warm SST anomaly in the North
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Pacific ocean (experiment setup in figure 3.5a). Such forcing is not to-
tally theoretical, as in late winter of 2014, the north Pacific experienced
2.5°C SST anomalies, known as the Pacific warm blob (Bond et al., 2015).
However, the forcing here is amplified to obtain robust signals (further
discussion in section 3.8).

The two simulations are identical in their setup, except for SST
boundary conditions, which simulate the differential warming of the
Atlantic and the Pacific basins. Fig 3.7b shows that the differential
warming of SPEEDY modifies the Pacific and the Atlantic low pressure
centers: The Aleutian low becomes as deep as the Icelandic low
and the SLP variability in the North Pacific sector increases, as in
CMIP5 RCP8.5 simulations. Results from this experiment are shown
in (Fig. 3.3, Fig. 3.7b and figure 3.2), and and exhibit the same spatial
and temporal decoupling of the AO and NAO as observed in RCP8.5

models.
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a) SPEEDY SST Forcing: Pac_P-CTL

Lew

FIGURE 3.5: SPEEDY General Circulation Model:

setup and response. a) SPEEDY SST forcing design

for Pac_P run: Positive Gaussian SST in the North Pa-

cific Ocean with a peak of 6°C. b) Near-surface air tem-

perature response for SPEEDY simulation (Pac_P-CTL),

shading unit: °C, contour lines are the 95% statistically
significant anomalies using ¢-test.
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3.4 The Stratospheric Polar Vortex

In this section, stratosphere-troposphere coupling is examined in light
of AO-NAO decoupling. Studies have shown that stratospheric polar
vortex anomalies often force AO and NAO variability in the historical
(present-day) period, through a downward propagation of the signal in
the high latitude troposphere (Baldwin and Dunkerton, 1999; Baldwin
and Dunkerton, 2001). Following a similar analysis, the first EOF of
November to April monthly mean geopotential height (GPH) anomaly
is calculated over the hemisphere north of 20°N at each pressure level
independently, and compute the corresponding daily NAM index (GPH
PC index) time series by regressing daily GPH anomalies onto the EOF
patterns (further details in Methods section). The onset of a weak po-
lar vortex (WPV) event (identified as day 0) is defined when the non-
dimensional NAM index at 10 hPa is less then or equal to —1.5.

Fig. 3.6 shows a composite of the time-height development of the
NAM index three months prior and after the onset of WPV events, for a)
NOAA-CFSR reanalysis, and the MPI-ESM-LR model for b) historical,
c) RCP8.5 simulations. Composites of strong polar vortex are shown
in figure 3.8. In addition, corresponding analysis of events in the IPSL
model in figure 3.9, and for SPEEDY in figure 3.11).

Reanalysis and model historical results both show that, on average,
in the present climate, the WPV signal propagates downward from the
stratosphere triggering a negative AO phase on the surface within 2—
4 weeks (consistent with Baldwin and Dunkerton (2001)). This top-

down forcing generates high pressure anomalies over the Arctic and the
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associated low pressure anomalies over the Pacific and Atlantic mid-
latitudes. Both AO and NAO are triggered by the same stratospheric
conditions.

Remarkably, in RCP8.5, surface signals precede the onset of a WPV
event. It has already been shown that surface conditions, such as sea
ice or snow cover anomalies, can excite Rossby waves that propagate
into the stratosphere affecting the polar vortex (Peings and Magnusdot-
tir, 2014; Garcia-Serrano et al., 2015; Ruggieri et al., 2017; Nakamura
et al., 2016; Cohen et al., 2007). Here, surface anomalies preceding the
onset of WPV events in MPI RCP8.5 scenario and SPEEDY Pac_P exper-
iment are shown in Fig. 3.7(c,d) (also figure 3.10, where the same plot
is reproduced for IPSL model) as the composite of geopotential height
anomalies for the average of 15 to 10 days prior to a WPV event: A
strong low pressure over the Pacific and a high pressure over Eurasia
lead the stratospheric anomaly. This pattern projects onto the negative
AO conditions in the Pacific sector (strong anomalies of opposite signs
over the Arctic and over the mid-latitudes in the Pacific, where SLP has

a pronounced negative anomaly).
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FIGURE 3.6: Stratosphere-Troposphere coupling:
Weak Polar Vortex. Composite of time-height develop-
ment of weak polar vortex (WPV) events using NAM
index (dimensionless) for a) NOAA-CFSR reanalysis,
b) MPI Historical, ¢) MPI RCP8.5. The condition for a
WPV event is when the 10 hPa NAM index is < —1.5.
Stippling shows the 95% statistically significant anoma-
lies using bootstrapping approach.
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b) Zonal mean sea level pressure SPEEDY
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FIGURE 3.7: Climatology response and natural vari-
ability. Zonal mean sea level pressure (SLP) climatol-
ogy for the Atlantic and the Pacific sectors for a) MP]I,
b) SPEEDY. Unit: hPa. The Atlantic sector is between
80°W — 0°E (blue lines). The Pacific sector is between
130°E — 130°W (red lines). Geopotential height com-
posites of 15 to 10 days prior to the onset of weak po-
lar vortex events for ¢) 1000 hPa MPI RCP8.5 scenario,
d) 925 hPa SPEEDY Pac_P experiment, (corresponds to
the upward propagating surface anomalies in Fig 3.6c &
figure 3.11b). Unit: meters. Regions of 95% statistically
significant anomalies are stippled, based on a standard
two-sided Student’s t-test.

From these results, it can be inferred that in the current climate,
the stratospheric polar vortex influences the occurrence of AO events
(Fig. 3.6a,b), while in a warmer climate that is not the case (Fig. 3.6¢); if

anything, information flows the opposite direction and the surface AO
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could be used to predict the state of the stratospheric vortex.

The high correlation between AO and NAO in the current climate
implies that the polar vortex influences both the AO and the NAO
equally. A similar analysis is followed to explicitly investigate how the
polar vortex influences the NAO. Geopotential height PC time series are
calculated independently for each pressure level, except that in this case
they are calculated for the NAO domain.

The result shows that, in the reanalysis and in the historical sim-
ulations, the weak polar vortex propagates downward to the sur-
face, where a negative NAO appears (see Ayarzagiiena et al. (2020),
Figs. 3.12a,b & 3.13a,b). Similarly, in RCP8.5, a downward propaga-
tion of the signal in the stratosphere is present, and the surface NAO
signal coincides with the weak polar vortex onset (Figs. 3.12¢ & 3.13b).
Some weak anomalies are observed in IPSL for the Atlantic sector before
the onset of the WPV, due to the extension of the Eurasian high pressure
anomalies to the Atlantic as in Fig. 3.10. Thus, there is no indication of
the tropospheric signal in the Atlantic preceding that of the stratosphere

in the warm climate, as found for the Pacific sector.
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FIGURE 3.8: Strong Polar Vortex. a) same as figure 3.6
except that it is for the strong polar vortex (SPV). The
condition for a SPV event is when the 10 hPa NAM in-
dex is > +1. Stippling shows the 95% statistically sig-
nificant anomalies using bootstrapping approach.
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FIGURE 3.9: a) same as figure 3.6 & 3.8, except that it is
for IPSL-CM5A-LR.
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FIGURE 3.10: Eurasian high and Aleutian low pres-

sure centers leading weak polar vortex. Same as in

fig. 3.7a, except for IPSL-CM5A-LR. (corresponds to the
upward propagating surface anomalies in fig 3.9b)
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FIGURE 3.11: a) same as figure 3.6, except that it is for
SPEEDY AGCM. Note that the condition for the onset
is based on NAM index at 30 hPa.



Chapter 3. Decoupling of AO and NAO

Pressure (hPa) Pressure (hPa)

Pressure (hPa)

a) Colmposite 28 VYeak Vortex(NAO) CFSR(1979-2018)
I R ————

10 F e : ==~ ! 2
£
20 X
100 = 0
k)
)
288 9
1000 T -2
Days
b) Comlposite 27 Wegk Vortex(NAp) MPI(lQSO-?OOO) Hist ) )
10 —
£
<
100 - 0
k)
208 5
1000 T -2
10 - 2
£
<
100 = 0
=
208 | i
1000 T -2

Days

FIGURE 3.12: Polar vortex influence in the Atlantic
sector. Same as in figure 3.6, except that here NAM in-
dex is for NAO domain instead of AO domain. The con-
dition for the onset is still when the 10 hPa NAM index
is < —1.5 for weak polar vortex. a) CFSR reanalysis. b)
MPT historical. ¢) MPI RCP8.5. Stippling indicates the
95% statistically significant anomalies using bootstrap-
ping approach.
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FIGURE 3.13: Same as in 3.12, except for IPSL-CM5A-
LR model.

The main limitation of the analysis is that it has been performed
on two models only, being the only CMIP5 models for which daily
data are available for the RCP8.5 extended runs. These models (MPI-
ESM-LR and IPSL-CM5A-LR), however, have a good representation of
stratospheric variability (Charlton-Perez et al., 2013), while many other
CMIP5 models are known to weakly capture the downward propa-
gation of stratospheric anomalies into the troposphere (Furtado et al.,
2015), possibly due to their low vertical resolution near and above the
tropopause (Richter, Solomon, and Bacmeister, 2014). Another caution
that must be considered is that CMIP5 models are known to have biases
in the representation of variability modes in the historical period (Gong
et al., 2017), particularly when computing winter seasonal (DJF means)
AO variability. Gong et al. (2017) suggests a statistical method for bias
correction to cancel out the excess variability in the Pacific region. How-

ever, for the purpose of this study, applying a statistical bias correction
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that is based on the current climate in order to correct the bias of a dif-
ferent climate is unreasonable. In spite of that, figure 3.14 shows the
Arctic Oscillation variability for wintertime mean in both NCEP-CFSR
reanalysis and MPI-ESM-LR, showing that the MPI model performs ex-
ceptionally well in comparison to reanalysis in this regard, and thus this

model has been used here as a preferred model.

NCEP-CFSR SLP EOF1 31% MPI Hist SLP EOF1 25%

FIGURE 3.14: The spatial patterns of winter seasonal
mean AQ. The leading EOF mode for DJF seasonal
mean sea level pressure. The Arctic Oscillation for
NCEP-CFSR reanalysis 1979-2018, MPI-ESM-LR 1901-
2000. The explained variance by the EOF is indicated
on top of each panel. (Contour levels are every 1 hPa,
corresponding to 1 standard deviation of the PC.)

3.5 The development of NAO events

The coupling between the AO and the NAO as well as the stratosphere-
troposphere interactions are shown to be changing under a warmer cli-
mate as discussed in the previous sections. Consequently, mid-latitude
teleconnections are modified, and are required to be approached in a

different way. In this section, a composite analysis is followed to show
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the development of NAO events under the light of AO-NAO decou-
pling.

Figures (3.15,3.16) show composite maps of sea level pressure
anomalies prior to and after the onset of negative NAO events in his-
torical and RCP8.5 climate scenarios. NAO events are considered if the
NAO PC index is less than -1 and persists for at least 5 consecutive days,
and the onset is marked by day 0.

In the historical climate, the negative NAO develops in the Atlantic
by forming positive pressure anomalies over Iceland and negative pres-
sure anomalies over the Azores, with a simultaneous development of
low pressure anomalies over the north Pacific ocean, showing the influ-
ence of the downward propagation of stratospheric polar vortex weak-
ening anomalies. In RCP8.5 climate, a deepening of the Aleutian Low
and a strengthening of the Eurasian high precede the development over
the Atlantic sector. The seesaw-like pressure anomalies between Eura-
sia and the north Pacific nudge the stratospheric polar vortex, which is
a plausible mechanism by Cohen et al. (2007) in the current climate as
well. Afterwards, the weakening of the stratospheric polar vortex han-
dles the forcing of the Atlantic sector to reflect a well-developed nega-
tive NAO, while the anomalies over the pacific ocean start to disappear.
The timeline of NAO development changes, considering the different
nature of stratosphere-troposphere coupling, as shown in figures 3.6,
3.12, 3.13, as it was shown how in the current climate, the stratosphere
forces both the Atlantic and the Pacific sectors simultaneously, while in
a warmer climate, surface anomalies precede the stratospheric anoma-

lies, and the Atlantic sector is forced thereafter by the stratosphere.
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FIGURE 3.15: The development of NAO events in His-

torical climate. Composite maps of sea level pressure

anomalies for MPI-ESM-LR model in the historical cli-

mate, showing the lag/lead SLP anomalies before/after

NAO event. NAO event is considered when the NAO

PC index is less than —1, and persists for at least 5 days.
(Unit: hPa)
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FIGURE 3.16: The development of NAO events in

RCP8.5 climate. Composite maps of sea level pressure

anomalies for MPI-ESM-LR model in the RCP8.5 cli-

mate, showing the lag/lead SLP anomalies before/after

NAO event. NAO event is considered when the NAO

PC index is less than —1, and persists for at least 5 days.
(Unit: hPa)

3.6 Land-sea thermal contrast modification

By the 23" century of RCP8.5 climate scenario, substantial modifica-
tions to the current major climatic features occur, such as polar sea ice
melting, ocean circulation changes (e.g. AMOC slowdown). In this

study, a key feature that is suggested to be important and relevant to
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the AO and NAO modes of variability is land-sea thermal contrast. As
shown previously in figure 3.4, the rate of warming of the Pacific ocean
is much faster than the Atlantic ocean causing the Pacific ocean to be-
come warmer than Atlantic ocean. The differential heating between the
two sectors motivates conducting a simple experiment to understand
the effect of warming the Pacific as described in section 3.2.5.

Here in this section, the warm up of the Pacific ocean is taken into
account from land-sea contrast point of view since it is expected to be
modified. Figure 3.17 shows wintertime (DJF) land-sea contrast for the
Asian/Pacific front (subtracting regions B minus A in panel a) and the
American/Atlantic front (subtracting regions D minus C in panel a)
for b) MPI-ESM-LR model Historical and RCP8.5 simulations, and c)
SPEEDY climatology control run (CTL) and Pacific perturbation run
(Pac_P) as described in section 3.2.5. In the current climate, land-sea
contrast in the Pacific is quite comparable to that of the Atlantic as
shown for MPI historical and SPEEDY CTL. However, as a consequence
of the differential warming in a warmer climate, land-sea tempera-
ture contrast becomes larger at the Asian/Pacific front, compared with
the American/Atlantic counterpart. Simulating such land-sea contrast
change by adding warm SST anomalies over the Pacific using SPEEDY
(Pac_P) results in a qualitatively similar modification. However, the
Asian/Pacific land-sea thermal contrast does not only increase as a re-
sult of warming the Pacific, but rather as result of the development of a
dynamical cooling over Asia/Eurasia (figure 3.5b, consistent with Li et
al. (2020)). Likewise, the weakening of the American/Atlantic contrast

is a consequence of warm air advection over the American continent
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that reduces temperature difference between the Atlantic and North
America.

Land-sea contrast modification could be a plausible mechanism to
explain AO/NAO decoupling since it is shown in the literature that AO
variability shifts to the Pacific sector through land-sea contrast modifi-
cation. This shift is demonstrated by Molteni et al. (2011), where they
reduce land-sea contrast in the Northern hemisphere, and show that the
AOQ pattern indeed responds to the reduction. However, the relative dif-
ference of land-sea contrast between the Atlantic and the Pacific was not
attempted. Here, it was shown (figure 3.1, SPEEDY results in figure 3.2)
that the AO mode of variability is sensitive to land-sea thermal contrast
modification, causing the Pacific sector to become the preferred region
for the covariability with the Arctic in a warmer climate, rather than the
Pacific and Atlantic centres of action simultaneously covarying with the

Arctic in the current climate.
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FIGURE 3.17: Land-sea thermal contrast modification.
a) Regions for which land-sea thermal contrast are cal-
culated in panels (b,c). The differences are calculated
by subtracting boxes B minus A for Asia/Pacific front,
and boxes D minus C for America/Atlantic front. Win-
ter land-sea thermal contrast at Asia/Pacific and Amer-
ica/Atlantic fronts for b) MPI-ESM-LR and ¢) SPEEDY
simulations. The differences are based on the boxes in
panel a. All boxes are bounded by 45°N — 60°N. A)
95°E — 135°E. B) 150°E — 140°W. C) 65°W — 105°W. D)
55°W — 15°W
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3.7 Further characterization of the response

A change in SST gradients such as that observed in RCP8.5 scenario, or
such as the observed in warming up the pacific as in Pac_P experiment
is expected to have important consequences on baroclinic activities. In
the current climate, the baroclinicity is higher in the Pacific (Nakamura,
1992). It is still not fully understood why the Pacific jet stream becomes
weaker in the months when the temperature gradients (baroclinicity)
are strongest, and why the Atlantic storm track varies more despite be-
ing less baroclinic. In this section, the change of baroclinicity due to the
differential warming of the Pacific with respect to the Atlantic is briefly
surveyed. As a proxy to demonstrate baroclinicity, Eady growth rate

(EGR) is calculated following Hoskins and Valdes (1990):
EGR = 0.31F1{] (3.12)

where I' = 90U /0z is the vertical wind shear, f = Coriolis parameter,
N? = %g—z is buoyancy frequency, fU, is related to the meridional tem-
perature gradient, and N characterizes the vertical stratification of the
atmosphere.

Figure 3.18 shows Eady growth rate EGR response for MPI-ESM-LR
and SPEEDY experiment. For SPEEDY, the north Pacific SST anomaly
causes the meridional temperature gradient to decrease in the most
baroclinic region (around 45°N), therefore, negative EGR anomalies are
observed. Intuitively, a region of increased baroclinicity over Bering

Strait is observed. This is due to the increased temperature gradient



84 Chapter 3. Decoupling of AO and NAO

between the warming region and sea ice over the Arctic. In MPI, the
response is more complicated by the absence of sea ice, and temper-
ature gradients between Kuroshio current and the North Pacific (see
figure 3.4), and it indicates a poleward shift of the zone of strong baro-
clinicity. Since a poleward heat flux is necessary for cyclognesis, merid-
ional temperature gradients are important. However, as demonstrated
in section 3.6 that zonal temperature gradients are also evident (Land-
sea thermal contrast). Therefore, further analysis is required to under-
stand if baroclinicity modifications contribute to AO/NAO decoupling.

A change in baroclinicity (cyclogenesis) directly reflect changes on
SLP variability. Figure 3.19 shows zonal sea level pressure standard de-
viation response over the Atlantic and the Pacific sectors. The variability
of SLP changes corresponding to EGR change, where an increase in SLP
variability is coincidental with regions of EGR increase.

Tropospheric signals that alter the stratosphere could be depicted in
simple deep convection that reaches the tropopause. In RCP8.5, since
North Pacific SSTs are substantially higher, convection is likely to be
triggered, given approperiate environmental conditions. Figure 3.20
shows a composite of convective precipitation 15 to 10 days prior to
polar vortex weakening. However, it is a speculation and further inves-

tigation is required.
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FIGURE 3.18: Eady growth rate response at 500 hPa
calculated for MPI-ESM-LR RCP8.5-Hist (left), SPEEDY
Pac_P-CTL experiment (right). Unit: 1/day.
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FIGURE 3.19: Response of zonal mean sea level pres-

sure standard deviation over the Pacific and the Atlantic

oceans for MPI-ESM-LR RCP8.5-Hist (left), SPEEDY

Pac_P-CTL experiment (right). Unit: hPa. Calculated
as in figure 3.7(a,b)
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FIGURE 3.20: Composite of convective precipitation 15

to 10 days prior to polar vortex weakening in MPI-ESM-

LR RCP8.5. Unit: mm/day. Stippling shows regions of
90% statistically significant anomalies using t-test.

3.8 Polar vortex weakening of December 2020

In closing this chapter, a practical application is worth mentioning in
light of the previous findings. As discussed in section 3.1, the skill of
polar vortex prediction in the current climate arises from various cli-
mate processes, such as ENSO and QBO in the tropics; Eurasian snow
cover and polar sea-ice extent in the high latitudes. In light of this chap-
ter, a new precursor is argued to be useful for predicting the upward
propagation of surface anomalies to the stratosphere causing the polar

vortex to weaken.
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Figure 3.21 shows a composite of sea surface temperature anoma-
lies and sea level pressure anomalies for the first week of December
2020. It is noted that the North Pacific experienced warm anomalies
of 3 — 4°C, accompanied by negative pressure anomalies in the North
Pacific, and high pressure anomalies over Eurasia. SLP pattern can be
compared to figures 3.7c obtained in a warm climate, and figure 3.7d
that is obtained as a response to a warmer Pacific. The consequence of
this SST/SLP setup are consistent with the results of this chapter, as it
is illustrated in figure 3.21 that the NAM index indicates surface signal
in the first week of December, and propagates upwards to the strato-
sphere, severely weakening the stratospheric polar vortex within the
following 3 weeks. Comparing this particular situation with figure 3.6¢
and 3.11b, it is argued that a warmer pacific with such surface pressure
anomalies setup favor the upward propagation. This arguement does
not cross out other possible precursors. Further analysis is needed to
confirm such mechanism in the past and upcoming polar vortex events,
as a single event is not sufficient. In general, this precursor is likely be-
coming more relevant in future, as the North Pacific ocean is warming at
a higher rate than the North Atlantic, due to the presence of the Atlantic

warming hole.
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Average SLP 1-7 Dec 2020

Average SST 1-7 Dec 2020

FIGURE 3.21: Weak polar vortex event of December
2020. Top left: SST anomalies for the first week in
December 2020 with respect to 1979-2010 climatology.
Top right: SLP anomalies for the first week in Decem-
ber 2020 with respect to 1979-2010 climatology. Bot-
tom: Time-height development of the NAM index for 1
October till 31 December 2020, obtained with the same
method as in section 3.2.4. Data is obtained from ERA5
reanalysis.
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Conclusion

One of the most discussed issues in climate is extreme weather events,
since it has a direct impact on society. Whether in winter or in summer,
the occurrence of extreme precipitation is an important question that
the scientific community strives to address, trying to advance the un-
derstanding of the governing processes behind climate extremes. Pre-
cipitation in different seasons develop from two different mechanisms.
In summer, convection processes leading to mesoscale thunderstorms
development, and consequently extreme floods. In winter, large-scale
fronts in the mid-latitudes moving across Europe and the North Amer-
ica bringing rainfall from the Pacific and the Atlantic oceans. Moreover,
the outbreaks of cold air masses from the Arctic region is an important
topic for weather extremes in winter, as polar vortex weakening was
responsible for many of weather extreme events over North American
and the European continents.

Extreme weather events are studied here through different ap-
proaches. Chapter 2 of the study examined different metrics of intense

precipitation variability over the European region using different data



90 Chapter 4. Conclusion

products. Gridded observations of daily precipitation (EOBS) indicate
that in the 30-year long study period and for all seasons except win-
ter, more regions experienced an increase of extreme precipitation, both
in terms of frequency and intensity, than those which recorded a de-
creasing trend. ERA-Interim reanalysis data, instead, showed an over-
all decrease in the intense precipitation in all seasons. Higher resolution
ERAS5 reanalysis showed results that better match those of EOBS, but
still reported an overall limited increase in the extreme precipitation es-
pecially during the summer season.

The study then investigated the added-value of the dynamical
downscaling with a convective-permitting model (WRF on a 4 km grid
spacing) on European extreme precipitation frequency and intensity.
The defining pattern of extreme precipitation (95th percentile) look con-
sistent in low and high resolution outputs, except for the detailed struc-
ture over the mountainous regions of the Great Alpine region. The
downscaling shows statistics of extreme precipitation that better match
those computed on the gridded observation dataset EOBS. Seasonal
trends of frequency of occurrence and intensity of extreme precipita-
tion were shown to be highly dependent on the temporal and spatial
resolution for all seasons except for winter.

The overall consistence of all the data products during DJF is re-
lated to the fact that extreme winter precipitation in Europe are mainly
controlled by the phase of the North Atlantic Oscillation, which is well
captured both in low and high resolution runs as it is a large scale pro-

cess. During the period of the analysis (1979-2008), the North Atlantic



Chapter 4. Conclusion 91

Oscillation went from a period dominated by a negative phase to a pe-
riod more dominated by a positive phase. The effect of this increase of
positive NAO events is reflected in the winter reduction of intense pre-
cipitation over Europe, since a positive NAO means that the jet stream
flows zonally, and the Arctic air is well confined over the pole. There-
fore, the effects of the storms are limited to the northern regions of Eu-
rope. Investigation in a different period with a more stable NAO might
lead to different results for winter precipitation. There is no evidence of
large scale climate modes of variability controlling intense precipitation
during the other seasons but more investigations will be necessary to
unambiguously attribute the causes of the overall increase of extreme
precipitation in Europe.

Since the NAO is known to be trending with global warming based
on studies regarding the recent climate change and future warming sce-
narios, more understanding for the nature of the NAO is necessary. In
literature, the North Atlantic Oscillation usually accompanies the Arctic
Oscillation as both are highly correlated. Therefore, chapter 3 investi-
gates more in depth how AO and NAO are correlated. An attempt to
break the correlation between AO and NAO was performed by exam-
ining these modes of variability in an extremely warm climate scenario.
This attempt is successful and shows that these patterns are highly de-
pendent on climate mean state.

The decoupling of AO and NAO in a warmer climate shows that the
two oscillations are driven by a common driver in the current climate,
that is the stratospheric polar vortex, while it was shown that the strato-

sphere disappears as a common driver for both oscillations in a warmer
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climate. In the current climate, the polar vortex (the phase of the North-
ern Annular Mode) drives surfaces conditions to reflect a certain phase
of both AO and NAO. While in a warmer climate, surface conditions
over Eurasia and the north Pacific alter the polar vortex, and the polar
vortex continues to drive the conditions in the Atlantic sector.

A possible condition for the breakdown between the Arctic and the
North Atlantic oscillations is demonstrated. Only warming up the north
Pacific ocean led to qualitatively similar results as in a warmer climate.
The deepening of the Aleutian low is reproduced in the warm Pacific
similar as to what happens in a warmer climate. Moreover, land-sea
thermal contrast was discussed as a possible component for the de-
coupling to occur, since the differential warming in the Pacific and the
Atlantic modifies the Asian/Pacific fronts with respect to the Ameri-
can/Atlantic fronts.

Moreover, perturbing the current climate only by warming the north
Pacific as in the experiment Pac_P shows the upward propagation
of surface anomalies upwards to the stratosphere. It means that the
setup of Aleutian/Eurasian surface pressure anomalies, accompanied
by warm North Pacific SST anomalies can be used even in the current
climate as a precursor for the stratospheric polar vortex.

The breakdown of the connection between the Arctic oscillation and
the North Atlantic oscillation in the warm climate projections shows
that not only the mean atmospheric circulation changes, but also the
modes of variability of the mid to high latitude atmosphere are dra-
matically modified. The leading hemispheric-EOF (AO) significantly

changes in a warmer climate, while the leading regional (Atlantic) EOF
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(NAO) is more stable. The results support the fact that these patterns
of variability, which are defined to maximize variance, are not some
fundamental vibrational mode of the climate system, but patterns that
can change in response to changes in the climate. The AO-NAO break-
down is associated with a different connection to the stratospheric vari-
ability, which is now recognized as a precursor of the tropospheric sig-
nals, while it appears to be triggered by the Pacific and Eurasian surface

anomalies in the warm climate.
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